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[1] The isotopic anomaly of oxygen in atmospheric CO2 is caused by exchange reactions
with isotopically anomalous O(1D) in the middle atmosphere. In the stratosphere, the
major source of O(1D) is O3 photolysis; O3 is known to possess mass-independent isotopic
composition, with d49O3  d50O3  100% relative to atmospheric O2. Higher in the
mesosphere, Lyman a-driven photodissociation of O2 provides a more important source
of heavy O(1D) than O3 photolysis. Here we present a two-dimensional simulation of
the isotopic composition of CO2 from the surface to an altitude of 130 km that
adequately reproduce the observed seasonal cycle of CO2 in the upper troposphere and the
age of air in the stratosphere. Our model results suggest that stratospheric-tropospheric
exchange not only modifies the level of heavy CO2 in the troposphere, but also influences
its seasonal cycle. Thus the isotopic composition of CO2 in the troposphere/biosphere
could be affected by the downwelling air from the stratosphere. The predicted size of the
effect is detectable by current instrumentation. Implications for the use of the isotopic
composition of CO2 to constrain the gross carbon flux between the atmosphere and
terrestrial biosphere and the dynamics in the remote mesosphere are discussed.
Citation: Liang, M.-C., G. A. Blake, and Y. L. Yung (2008), Seasonal cycle of C16O16O, C16O17O, and C16O18O in the middle
atmosphere: Implications for mesospheric dynamics and biogeochemical sources and sinks of CO2, J. Geophys. Res., 113, D12305,
doi:10.1029/2007JD008392.
1. Introduction
[2] Carbon dioxide is an important greenhouse gas, yet the
understanding of its sources and sinks is far from satisfactory.
The major difficulty is caused by high CO2 two-way fluxes
between the atmosphere and planetary surface, resulting in a
large seasonality of the CO2 mixing ratio at the surface. For
example, as reported by IPCC [2001], the flux of CO2
between the atmosphere and the surface is 200 PgC/a,
and the ‘‘net’’ uptake on the surface is 3 PgC/a. A
measurement accuracy of better than 1%, or CO2 mixing
ratios <3 parts per million by volume (ppmv), is therefore
required to quantify the sources and sinks of CO2. While in
situ techniques [e.g., Tans et al., 1998; GLOBALVIEW-CO2,
2007] have high accuracy, they possess limited spatial
coverage. Satellite measurements provide much better spatial
coverage but with lower precision [Buchwitz et al., 2005a,
2005b]. Next generation satellites designed specifically to
measure atmospheric CO2, such as the Orbiting Carbon
Observatory [Kuang et al., 2002; Crisp et al., 2004], will
return column-averaged CO2 mixing ratios under clear con-
ditions with a precision of 1 ppmv.
[3] The discovery of mass-independent oxygen isotopic
fractionation (MIF) in middle atmospheric CO2 [Zipf and
Erdman, 1994; Thiemens et al., 1995; Thiemens, 1999,
2006; Alexander et al., 2001; La¨mmerzahl et al., 2002;
Boering et al., 2004] provides another opportunity to study
the sources and sinks of surface CO2 [Hoag et al., 2005].
Because the known sources and sinks of surface CO2 are
mass-dependent [e.g., see Luz and Barkan, 2005; Thiemens,
2006] and because the MIF originates in the middle atmo-
sphere, isotopic measurements of atmospheric CO2 can
therefore be used to trace the biogeochemistry of carbon
dioxide. Higher in the upper stratosphere and mesosphere,
the isotopic composition of CO2 (see below) provides a
unique tool for studying atmospheric transport and chemis-
try because of its high abundance (370 ppmv in the
stratosphere, dropping to 100 ppmv at 100 km); the
concentrations of other common tracers (e.g., CH4, N2O,
SF6, and the CFCs) are too low to be detected in the
mesosphere. The MIF of CO2 is caused by isotopic ex-
change reactions with O(1D) [Thiemens et al., 1991; Yung et
al., 1991, 1997; Liang et al., 2007], which is readily
produced by the photolysis of O3. The latter is known to
be enriched in heavy isotopologues and isotopomers with
highly nonmass dependent signatures [Thiemens and
Heidenreich, 1983; Mauersberger, 1987; Mauersberger
et al., 1999, 2001; Thiemens, 2006].
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[4] The isotopic composition of atmospheric O3 can be
explained by two processes [Liang et al., 2006] formation
[Thiemens and Heidenreich, 1983; Mauersberger et al.,
1999; Gao and Marcus, 2001] and photolysis [Blake et
al., 2003; Liang et al., 2004; Miller et al., 2005]. The
formation process results in d49O3  d50O3  100%,
relative to atmospheric O2, where % denotes per mil or
parts per thousand. About 10% of the observed O3
isotopic enrichment in the stratosphere is due to photolytic
processes, which provide an explanation for the observed
altitude variation of the O3 isotopic composition in the
stratosphere. See Liang et al. [2006] for details. Initial
photolysis experiments on O3 suggested mass-independent
isotopic fractionation [Chakraborty and Bhattacharya,
2003], but a reanalysis [Cole and Boering, 2006] of the
available data shows that the measured laboratory isotopic
compositions can be attributed solely to the formation of
O3. Thus no mass independent component is observed in
the photolysis of O3.
[5] Oxygen isotopic compositions are reported as d17O
and d18O. To be consistent with previous work [Miller et al.,
2005; Liang et al., 2006, 2007; Liang and Yung, 2007], we
define them here as
d17O CO2ð Þ ¼
C16O17O
 
= C16O16O
 
16O17O
 
= 16O16O
   1 ð1Þ
d18O CO2ð Þ ¼
C16O18O
 
= C16O16O
 
16O18O
 
= 16O16O
   1: ð2Þ
[6] Unless otherwise stated, the d values reported in this
paper are referenced to atmospheric O2, rather than Vienna
StandardMean OceanWater (V-SMOW). The magnitudes of
atmospheric d17O(O2) and d
18O(O2) are 11.75 and 23.5 %
referenced to V-SMOW [Thiemens et al., 1995], respectively,
while the values are zero as referenced to O2 itself. A strictly
mass-dependent isotopic composition follows
d17O  0:515 d18O; ð3Þ
Figure 1. Photolytic fractionation factors of C16O18O (solid) and C16O17O (dashed), predicted with the
method developed by Yung and Miller [1997]. The fractionation factor is defined by s/s0  1, where s
and s0 are the photoabsorption cross sections of C
16O18O (and C16O17O) and C16O16O, respectively. The
cross sections of normal CO2 are taken from the literature [Nakata et al., 1965; Shemansky, 1972;
Lawrence, 1972a, 1972b; Slanger and Black, 1978; Okabe, 1978; Hitchcock et al., 1980; Lewis and
Carver, 1983; Yoshino et al., 1996; Parkinson et al., 2003]. For comparison with the experiments by
Bhattacharya et al. [2000], high spectral resolution predictions for C16O18O are shown in the lower
panel. Detailed comparison requires the spectral function of the UV source used in the measurements.
See, e.g., Liang et al. [2004] for details.
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and the oxygen anomaly in this paper is defined as the
residual from equation (3), or
D17O ¼ d17O 0:515 d18O: ð4Þ
[7] In previous work, we have shown that two-dimen-
sional (2-D) (latitude and height) models driven by the
residual circulations derived from three-dimensional (3-D)
(latitude, longitude, and height) wind fields can satisfacto-
rily reproduce the age of air in the stratosphere [Morgan et
al., 2004] and the seasonality of CO2 in the upper tropo-
sphere [Shia et al., 2006]. Here, we adopt the same model as
that described by Shia et al. [2006] and extend it to include
other CO2 isotopologues. This paper also represents an
extension of the one-dimensional (1-D) (altitude) simulation
of CO2 isotopologues in the middle atmosphere by Liang et
al. [2007], and is organized as follows. We briefly summa-
rize the current view of the sources and sinks of CO2
isotopologues in section 2. The chemistry of the MIF
processes affecting CO2 are described in section 3. The 2-
D model is presented in section 4, followed by model results
in section 5. A discussion of the results and the implications
of the model results for the current and paleobiogeochem-
ical cycles of CO2 are presented in section 6.
2. Sources and Sinks of CO2 Isotopologues
[8] Before the Industrial Era, the atmospheric CO2 con-
centration was 280 ppmv. It has been rising continuously
since, reaching 375 ppmv in 2004. The present atmo-
spheric CO2 increase is caused by anthropogenic emissions
of CO2. About three-quarters of the emissions are due to
fossil fuel burning, 5.4 ± 0.3 PgC/a during 1980–1989
and 6.3 ± 0.4 PgC/a over 1990–1999. Land use is largely
responsible for the remainder. Not all the emitted CO2
remains in the atmosphere. The uptake of CO2 by land
and ocean reduces the rate of CO2 atmospheric accumula-
Table 1. Two-Dimensional Chemical Transport Modelsa
Kyy Kzz y Altitude
Model A Morgan et al. Morgan et al. Morgan et al. 0–80 km
Model B Summers et al. Summers et al. WACCM 0–130 km
Model C Morgan et al. Morgan et al. ECMWF 0–50 km
Model D Morgan et al. Morgan et al. NCEP2 0–35 km
Model E Morgan et al. Morgan et al. WACCM 0–80 km
aMorgan et al. and Summers et al. refer to Morgan et al. [2004] and
Summers et al. [1997], respectively.
Figure 2. Contours of residual circulation derived from the WACCM simulations. The unit is 103 m2
s1. Positive (negative) values denote clockwise (anticlockwise) circulation.
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tion to 3.3 ± 0.1 PgC/a during 1980–1989 and to 3.2 ±
0.1 PgC/a over 1990–1999. The known sources and sinks of
CO2 are summarized in the 2001 IPCC report [IPCC, 2001].
[9] Nitrous oxide offers an example of using isotopic
signatures to constrain trace gas sources and sinks [e.g., Kim
and Craig, 1993; Stein and Yung, 2003]. The conceptual
picture consists of three parts: (a) land biospheric sources of
N2O are strongly depleted in both
15N and 18O, compared
with the mean tropospheric values; (b) oceanic sources are
close to but slightly lighter than the mean tropospheric
composition; and (c) there is a‘‘back flux’’ of heavy N2O
from the stratosphere, where processes destructive of N2O
prefer the lighter isotopologues and isotopomers, to the
troposphere. Thus the isotopic composition of tropospheric
N2O is a balance between biologically derived light N2O
and stratospheric heavy N2O. Can a similar analysis be
applied to CO2?
[10] Unlike N2O, which has no noticeable sink in the
troposphere, CO2 has significant gross carbon exchange
between the atmosphere and the surface. (The insignificance
of a nitrous oxide sink in the troposphere can be similarly
inferred from the weak seasonality observed [Liao et al.,
2004; Nevison et al., 2004]). The flux between the atmo-
sphere and ocean and that between the atmosphere and land
are 90 and 120 PgC/a, respectively, while the net flux to the
ocean and land is only 1.9 PgC/a. However, the net flux
plays a fundamental role in determining the amount and
isotopic composition of anthropogenic CO2 that remains in
the atmosphere, and since this flux is 2 orders of magnitude
less than the gross carbon flux, the determination of sources
and sinks of CO2 is difficult.
[11] The isotopic composition of CO2 in the atmosphere
is an integrated signal of atmospheric and biogeochemical
processes, and thus provides a tool for studying biogeo-
chemical cycles involving CO2 [e.g., Ciais et al., 1997;
IPCC, 2001]. To separate the different processes, several
tracers must be used. For example, atmospheric d13C(CO2)
can differentiate the uptake fluxes of CO2 by the land and
ocean, while d18O(CO2) provides a constraint on terrestrial
gross primary production (GPP) [e.g., Ciais et al., 1997;
IPCC, 2001; Cuntz et al., 2003a, 2003b] because the
isotopic exchange reactions between CO2 and two isotopi-
cally distinct water reservoirs (soil water and leaf water) are
separable. In their troposphere-biosphere interactive model,
for example, Cuntz et al. [2003a, 2003b] include four
distinct sources of d18O(CO2) to evaluate the budget of
CO2. Their model yields a northern hemispheric isoflux of
160 PgC/a which is balanced by an isoflux of +160%
PgC/a in the southern hemisphere. In this paper, the input of
heavy CO2 from the stratosphere will be estimated and its
Figure 3. Latitude-pressure plots of modeled CO2 mixing ratios for January, April, July, and October of
2003, using the residual circulation shown in Figure 2 (model B).
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impact on current CO2 isotopic budgets examined. We note
that middle atmospheric processes affecting the isotopic
composition of CO2 have not yet been included in current
models [e.g., Cuntz et al., 2003a, 2003b].
[12] In the atmosphere, the primary mechanism which
modifies the isotopic composition of CO2 is the exchange
reaction with O(1D) in the stratosphere. This exchange
process conserves the concentration of CO2 but carries
a very different isotopic signature from tropospheric/
biospheric CO2. In their two-box models, Hoag et al.
[2005] investigate the contribution of stratospheric CO2 to
tropospheric/biospheric CO2 based on the concept of mass-
dependent and mass-independent fractionation processes,
and find that the predicted D17O(CO2) is measurable with
current instrumentation. Thus the isotopic composition of
atmospheric CO2 can, in principle, provide a new constraint
on the gross carbon exchange between the biosphere and
atmosphere in carbon cycle models [e.g., Cuntz et al.,
2003a, 2003b]. The uniqueness of D17O is that it can be
‘‘reset’’ only by isotopic exchange reactions with water.
This process has a long time constant, as compared with
atmospheric transport timescales. For example, the isotopic
exchange time of CO2 with leaf water is 2 years [Ciais et
al., 1997] while the transport time in the troposphere is on
the order of months.
3. Mechanisms of CO2 Isotopic Fractionation
[13] The isotopic composition of CO2 is affected by that
of O(1D) through the CO2 + O(
1D) exchange reaction.
Ozone photolysis is the major source of O(1D) in the
stratosphere, while O2 Lyman a-driven photodissociation
is important in the mesosphere [Allen et al., 1981]. The
former process produces a larger slope (1.5–1.7) in three-
isotope plots of oxygen in CO2 than the latter (0.3). This
great difference can therefore provide a powerful tool for
studying dynamics in the mesosphere (see below).
[14] We briefly summarize the basic features of the O3
isotopic anomaly. The isotopic enrichment is primarily
caused by the formation of O3. As a consequence of finite
Figure 4. Aircraft observations between 9 km and 13 km (solid circles) [Matsueda et al., 2002] and
modeled CO2 mixing ratios averaged over the layers between 9 km and 13 km in years 2003 and 2004.
Models A-E are shown by solid, short-dashed, triple dot-dashed, long-dashed, and dash-dotted lines,
respectively. For comparison, the surface CO2 mixing ratios [GLOBALVIEW-CO2, 2007] are shown by
dotted lines.
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lifetime of O3 complex in the intermediate state, symmetric
isotopomers in their intermediate states tend to have greater
deviation from their statistical density of states, compared
with asymmetric isotopomers. It is this deviation that
produces d49O3  d50O3  100 %, relative to atmospheric
O2. In addition, about 10% of the observed O3 isotopic
enrichment is due to photolytic processes. The photolysis
effect provides an explanation for the observed altitude
variation of the O3 isotopic enrichments in the stratosphere.
See Liang et al. [2006] for details. Following the same
assumption as Liang et al. [2006, 2007] and Liang and Yung
[2007], we only consider the terminal abstraction of ozone
photolysis for the production of O(1D) atoms.
[15] Since the branch of O2 photolysis to O(
3P) + O(1D)
at Lyman a line is spin-forbidden, a strong wavelength-
dependent isotopic fractionation in the quantum yield is
expected and observed [Lacoursie`re et al., 1999]. Previous
quantum calculation and atmospheric modeling show that
the isotopic fractionation at O2 Lyman a photolysis is
significant [Liang et al., 2007].
[16] The atmospheric oxygen chemistry used here is that
presented by Liang et al. [2006], while the O2 Lyman a
Figure 5. The vertical profile of the annually averaged age of air over 10S to 10N derived from the
2-D CTM simulations of CO2. The lines have same meaning as in Figure 4. Also shown are the mean
age calculated from balloon measurements of CO2 (crosses) and SF6 (triangles) taken during February
and November 1997 at 7S, and ER-2 aircraft measurements of CO2 (asterisks) and SF6 (squares) at
20 km averaged over 10S–10N during 1992–1997 [Boering et al., 1996; Elkins et al., 1996; Ray et
al., 1999; Andrews et al., 2001].
Figure 6. Modeled (lines) mean age of air versus observations (symbols) at 20 km. The lines have
same meaning as Figure 4. Diamonds and triangles are derived from CO2 and SF6, respectively, taken
from Boering et al. [1996], Elkins et al. [1996], Ray et al. [1999], and Andrews et al., 2001.
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photolytic cross sections and the specific five chemical
reactions that fractionate the isotopic composition of CO2
in the middle atmosphere, as shown below, are taken from
Liang et al. [2007]:
16O 1Dð Þ þ C16O16O! C16O16Oþ16O k
17O 1Dð Þ þ C16O16O! C16O17Oþ16O k1 ¼ 2=3k 1þ x1ð Þ
16O 1Dð Þ þ C16O17O! C16O16Oþ17O k2 ¼ 1=3k 1þ x2ð Þ
18O 1Dð Þ þ C16O16O! C16O18Oþ16O k3 ¼ 2=3k 1þ x3ð Þ
16O 1Dð Þ þ C16O18O! C16O16Oþ18O k4 ¼ 1=3k 1þ x4ð Þ;
where O is either O(1D) or O(3P), k is the rate coefficient,
and x1–x4 account for any deviation in the rate coefficients
from simple counting statistics. Under these assumption, the
isotopic composition of CO2 in steady state can then be
approximated by the following equations:
d17O CO2ð Þ  d17O CO2ð Þt
 f1 x1  x2 þ d17O 1D
  d17O CO2ð Þt
  ð5Þ
d18O CO2ð Þ  d18O CO2ð Þt
 f2 x3  x4 þ d18O 1D
  d18O CO2ð Þt
 
;
ð6Þ
where d17O(CO2)t and d
18O(CO2)t are tropospheric values.
The symbols f1 and f2 represent modifications due to
atmospheric transport; these two values are identical below
the homopause. (The homopause divides the atmosphere
into two regions: the homosphere and heterosphere. In the
homosphere, the atmosphere is well-mixed. In the hetero-
sphere, the density of a gas falls off with altitude at a rate
dependent on molecular mass. In the Earth’s atmosphere,
the homopause is about 100 km above the surface.) Under
current atmospheric conditions, the timescale of dynamical
processes is shorter than that of the CO2 isotopic exchange,
resulting in a large modification of the isotopic enrichment
of CO2 that originates from exchange with O(
1D). This is
the main reason for the great difference between the isotopic
composition of O(1D) (100%) [Liang et al., 2006; Liang
and Yung, 2007] and that of CO2 (10%). The factor of 10
difference between O(1D) and CO2 implies that f1 = f2 
0.1, determined by the steady state assumption in equations
(5) and (6). Note that the two equations are used only for the
demonstration of the dynamical modification. The simula-
tions solve the full algebraic equations in steady state to
predict the isotopic composition of O(1D) and CO2.
[17] The slope m in three-isotope plots of oxygen can thus
be expressed by
m ¼ d17O CO2ð Þ  d17O CO2ð Þt
 
= d18O CO2ð Þ  d18O CO2ð Þt
 
:
ð7Þ
Figure 7. Modeled d18O(CO2) for January, April, July, and October, using model A circulation. The
mean tropospheric values (d18O(CO2)t)have been subtracted.
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[18] It is important to note that d17O(CO2), d
18O(CO2),
are a function of altitude and latitude, as is m (see below).
[19] As shown by Liang et al. [2007], our current
(limited) understanding of the isotopic composition of
CO2 in the middle atmosphere can, in fact, be explained
by a purely statistical accounting of the reaction probability,
that is, x1 = x2 = x3 = x4 = 0; and so for simplicity we follow
the same assumption in this paper. We do examine in
section 6 the possibility that x1  x2 6¼ x3  x4 can modify
the slope m.
[20] As mentioned previously [Liang et al., 2007], there
are two major sources of isotopically anomalous O(1D).
One is ozone photolysis, taking place mainly at 15–
70 km. The other is O2 Lyman a photolysis for altitudes
70 km, and our model explicitly accounts for both sources
of O(1D).
[21] Photolysis can also modify the isotopic composition
of CO2. Figure 1 presents the predicted fractionation factors
of C16O18O and C16O17O using the method described else-
where [Yung and Miller, 1997; Miller and Yung, 2000]. An
overview of the photolytic fractionation factor is shown in the
top panel, while the lower paper compares the results of a
high spectral resolution calculation at 185 nm as derived
from the experimental results of Bhattacharya et al.
[2000]. Though the photolysis at 185 nm causes the
depletion of C16O18O, the overall photolytic processes
enhances the heavy isotopologues (upper panel) because
of the nearly featureless solar spectrum at wavelengths
longer than 100 nm. Because of the low CO2 photolysis
rates compared with the reaction rates of CO2 and O(
1D),
the effect of the photolysis of CO2 produces a negligible
(0.01%) contribution to modifying its isotopic composi-
tion [see Liang et al., 2007].
4. Data and Model Descriptions
[22] The Caltech/JPL 2-D chemistry transport model (2-D
CTM) is used to simulate CO2 isotopologue distributions in
the atmosphere. A detailed description of the model can be
found elsewhere [Morgan et al., 2004]. Briefly, the model
uses logarithmic pressure as the vertical coordinate, and has
a 18 
 40 latitude-pressure grid extending from pole to pole
and from the surface to about 80 km. For modeling studies
in the mesosphere, we have included an option for extend-
ing the model to about 130 km (66 vertical layers). The
transport is driven by three dynamical processes: residual
circulations (y) and horizontal (Kyy) and vertical (Kzz)
diffusivities. See Morgan et al. [2004] and Jiang et al.
[2004] for details of the derivation of y and Kyy. The Kzz
profiles are based on Summers et al. [1997], with some
modifications in order to match the age of air measured in
the stratosphere [see Morgan et al., 2004].
[23] The time-varying observed surface CO2 concentra-
tions from 1975 to 2004 are taken from the National
Oceanic and Atmospheric Administration (NOAA) Climate
Monitoring and Diagnostics Laboratory (CMDL) [Tans et
Figure 8. Same as Figure 7, for D17O(CO2).
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al., 1998; GLOBALVIEW-CO2, 2007] and are used to define
the lower boundary condition in our models. See Shia et al.
[2006] for details. The isotopic composition of CO2 is fixed
at the lower boundary, with abundances set by the mean
tropospheric values, i.e., d17O(CO2)t  9 and d18O(CO2)t 
17% with respect to atmospheric O2, or 21 and 41%
relative to V-SMOW [Thiemens et al., 1995]. Aircraft
measurements of CO2 mixing ratios at altitudes of 8–
13 km [Matsueda et al., 2002] and age of air data [Boering
et al., 1996; Elkins et al., 1996; Hall et al., 1999; Ray et al.,
1999; Andrews et al., 2001; Waugh and Hall, 2002] are
used to validate the modeled atmospheric transport (see
below).
[24] The transport (y, Kyy, and Kzz) of Morgan et al.
[2004] is selected to be our reference case (model A), as it
has been used to simulate the seasonality of upper tropo-
spheric CO2 [Shia et al., 2006] and to the study of the
sources of the oxygen isotopic anomaly in atmospheric N2O
[Liang and Yung, 2007]. Residual circulations (y) derived
from the National Centers for Environmental Prediction-
Department of Energy Reanalysis 2 (NCEP2) [Kistler et al.,
2001], European Centre for Medium-Range Weather Fore-
casts Reanalysis (ECMWF) [Uppala et al., 2005], and
Whole Atmosphere Community Climate Model (WACCM)
outputs [Sassi et al., 2002, 2004] are also included, in order
to provide a model sensitivity analysis with respect to
changes in circulation. The circulations from NCEP2 and
ECMWF are good to 40 km; y equals zero above the
upper boundary of these two data sets. The upper boundary
of WACCM is about 130 km, and can therefore provide a
realistic circulation model of mesosphere-stratosphere ex-
change. Table 1 summarizes the sources of the transport
fields used in this paper.
[25] Figure 2 presents the derived stream function from
WACCM. The definition of the stream function follows that
given by Shia et al. [1989]. This is distinct from the mass-
weighted stream function and is presented here to better
illustrate the altitude dependence of the residual circulation.
The stream function is strong in the northern hemisphere in
January, when the latitudinal temperature gradient and wave
activities are significant. Air ascends from the equator,
reaches the pole above the 1 mbar altitude level, then
descends into the polar region and eventually returns to the
surface at midlatitudes. As a consequence, the age of air
increases with latitude and reaches a maximum value at the
winter pole [e.g., see Hall et al., 1999]. During this time,
CO2 can react with O(
1D), resulting in an enhancement of
heavy CO2 (see section 5). Similar behavior for y obtains in
the summer (winter for southern hemisphere) with the roles
of northern hemisphere and southern hemisphere reversed.
The stream function becomes weaker in the spring and fall.
Note that there is a transition at 104–102 mbar, where
the stream function changes sign. The transition and inver-
sion are caused by the breaking of gravity waves [e.g., see
Sassi et al., 2002]. This results in an inefficient air exchange
between the upper and lower mesosphere, as previously
Figure 9. Same as Figure 7, for d18O(CO2) computed by model B.
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noted in the form of a sharp decrease in Kzz above 80 km
[e.g., Allen et al., 1981; Lindzen, 1981; Summers et al.,
1997]. There is a strong seasonal cycle of CO2 isotopic
composition in this region (see section 5). The isotopic
composition of CO2 should therefore provide a powerful
and unique tool for studying the dynamics in the high
mesosphere, as more measurements become available.
[26] Shown in Figure 3 are the CO2 distributions over
four seasons, modeled with the WACCM y and the Kyy and
Kzz (model B) of Summers et al. [1997]. Comparing with
Figure 1 of Shia et al. [2006], the present model is more
efficient in transporting material to higher altitudes. The
discrepancy is mainly caused by Kyy and Kzz; the change of
y has less impact to the CO2 distribution (e.g., see models A
versus E). A detailed comparison between the circulation
fields follows.
[27] Two data sets provide constraints to the circulations:
upper tropospheric CO2 levels [Matsueda et al., 2002] and
the age of air in the stratosphere [Boering et al., 1996;
Elkins et al., 1996; Ray et al., 1999; Andrews et al., 2001].
Figure 4 shows that the upper tropospheric CO2 mixing
ratios can be well reproduced by the models. For compar-
ison, the surface CO2 level is given by the dotted lines. Our
model simulations are consistent with previous studies [Shia
et al., 2006] in which a 1–3 month lag in CO2 seasonality is
seen at 10 km, as compared with surface CO2. The lag is
most likely the result of the time it takes for CO2 to be
transported from the surface to the tropical tropopause by
the Hadley circulation, followed by stratosphere-tropo-
sphere exchange via the Brewer-Dobson circulation (see
later discussion of the age of air in the upper troposphere
and lower stratosphere). Differences in Kyy and Kzz also
result in change to the seasonality of upper tropospheric
CO2 (e.g., see model B versus model A).
[28] Figures 5 and 6 show the vertical and latitudinal
profiles of the age of air, respectively. Models A (solid
lines) and E (dash-dotted lines) provide, in general, a better
fit to the data. The other models are off by 1 year,
depending on altitude and latitude. Model B (short-dashed
lines) shows shorter ages of air; while models C (triple dot-
dashed lines) and D (long-dashed lines), with circulations
derived from ECMWF and NCEP2, respectively, tend to
have transport that is too fast.
5. Simulation Results
[29] The isotopic composition of O(1D) in the atmosphere
is critical for modeling the oxygen anomaly in atmospheric
CO2. As described above, there are two major sources of
O(1D) in the atmosphere: O3 and O2 photolysis. The former
dominates in the stratosphere and provides sources of
isotopically anomalous O(1D), mainly via the Hartley and
Huggins bands of O3. The latter source of anomalous O(
1D)
from O2 photolysis arises mainly from solar Lyman a, and
is significant only above 70 km. See Liang et al. [2007]
and Liang and Yung [2007] for details. The profiles of O3
Figure 10. Same as Figure 9, for D17O(CO2).
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and O(1D) derived in this paper are the same as those by
Liang and Yung [2007].
[30] The first stratospheric oxygen isotopic measurements
of CO2 were made by Gamo et al. [1989], who found that
d18O(CO2) increases with altitude, while measurements of
the MIF of CO2 (i.e., both d
17O and d18O) were pioneered
by Thiemens et al. [1995], who took samples at 32.4N and
altitudes between 29 and 61 km, in March and May of
1992. Subsequent stratospheric measurements were made at
latitudes 43.7 and 67.9N and altitudes 20–33 km, in
early summer through early winter [La¨mmerzahl et al.,
2002]. Samples taken within the Arctic vortex (67.9N)
were reported by Alexander et al. [2001], who measured the
d17O and d18O of CO2 at altitudes between 12 and 21 km
on 11 February 1997. Later, Boering et al. [2004] measured
the lower stratospheric isotopic composition of CO2 from
April through July of 1997 at altitudes between 11 and 21
km and latitudes between 48 and 90N. Simulations from
our 2-D CTMs will be compared with these measurements.
[31] Figures 7 and 8 present, respectively, the 2-D profiles
of d18O(CO2) and D
17O(CO2) derived from model A.
Generally speaking, the isotopic composition increases with
altitude and latitude in the stratosphere, and is well corre-
lated with the age of air described in Figures 5 and 6. In the
mesosphere, the isotopic composition increases from the
summer pole to the winter pole, consistent with the circu-
lation shown in Figure 2. The correlation between the
magnitude of the isotopic composition of CO2 and age of
air can be conceptually represented by equations (5) and (6)
through the modification factor f that affects the d values.
The variations of d18O(CO2) and D
17O(CO2) are large in
April and October when the circulation is weaker. In
January, the strong stream function reduces the changes in
the CO2 isotopic composition that originate from the reac-
tion with O(1D). By comparison, transport is less efficient in
April. Above 70 km, the isotopic composition of CO2 is
influenced primarily by O2 photolysis at Lyman a.
[32] Figures 9 and 10 show the model results for
d18O(CO2) and D
17O(CO2) from model B, which extends
the model atmosphere up to 130 km. The O2 Lyman a
signature in this case cannot be transmitted efficiently to
lower altitudes, due to the weak dynamical mixing between
Figure 11. Three-isotope plot of oxygen in CO2. The atmospheric measurements are from balloon
measurements of La¨mmerzahl et al. [2002] (diamonds) and Alexander et al. [2001] (triangles) and the
rocket data reported by Thiemens et al. [1995] (asterisks). The crosses are model (models A-D, described
in Table models) values at latitudes 25N for all seasons. Two dotted lines draw m = 1.7 and 0.3. There
is little difference between models A and E. Above 90 km, molecular diffusion is important and m
becomes 0.5 (see model B).
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the upper and lower mesosphere (see also Figure 2). The
abundances of heavy CO2 are greatly enhanced in the
region between 102 and 103 mbar. This is caused
primarily by ‘‘closed’’ circulation cells in this region (see
Figure 2), where the age of air is increased. Hence more
CO2 can react with O(
1D). Notably, the strongest variations
of the CO2 isotopologues are in the spring and fall. The
variation can be as high as 20%, and provides an opportu-
nity for verifying current models of dynamics in the
mesosphere. Above 103 mbar (or 90 km, at the homo-
pause), molecular diffusion dominates the transport and the
isotopic fractionation of CO2 becomes mass-dependent.
[33] Figure 11 shows three-isotope plots of oxygen in
CO2 derived from models A-D for all seasons at latitudes
25N, along with atmospheric measurements [Thiemens et
al., 1995; La¨mmerzahl et al., 2002; Alexander et al., 2001].
Because of possible mass-dependent fractionation artifacts
(such as isotopic exchange with water) that affect both
d17O(CO2) and d
18O(CO2), but not D
17O(CO2), the data
of Boering et al. [2004] are not shown here. The linearly
regressed slopes are insensitive to transport. The reason can
be clearly seen in the equations (5)–(7). Transport below
the homopause modifies both d17O(CO2) and d
18O(CO2) by
the same proportions [see also Liang et al., 2007], and as
the result, the slopes are controlled by two parameters: mean
tropospheric d values of CO2 and isotopic composition of
O(1D), which are kept unchanged between models. The
figure also shows that there is little seasonal and latitudinal
dependence on the slope m below 70 km (corresponding
to d18O(CO2)  15%). This is consistent with the fact that
the isotopic composition of O3 (a source of O(
1D)) is only
weakly dependent on temperature [Liang et al., 2006, and
references therein], that the spatiotemporal variation of
stratospheric temperature is small, and that the CO2 lifetime
against the isotopic exchange with O(1D) is long [Liang et
al., 2007]. See also Liang and Yung [2007] for 2-D
simulation of the isotopic composition of O3. Above 70
km (model B), Lyman a photolysis of O2 dominates and
provides sources of O(1D) isotopically distinct from that of
O3 photolysis [Liang et al., 2006, 2007; Liang and Yung,
2007]. Along with the strong seasonality in dynamics
(Figure 2), the d values are highly scattered above 70 km
(see also Figure 9).
[34] Figure 12 shows an example of the latitudinal and
seasonal variations of m, which can be used to divide the
atmosphere into four regions: troposphere, stratosphere-
lower mesosphere, upper mesosphere, and heterosphere.
The first three constitute the homosphere. The d values
Figure 12. Same as for Figure 11 but with model B in four seasons. Model results at latitudes 25–50N,
50–70N, 70–80N, and 80–90N are shown by black, red, green, and blue symbols, respectively, with
a vertical offset of 2 relative to the preceding one.
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are uniform in the troposphere and increase rapidly in the
middle atmosphere. In the stratosphere-lower mesosphere,
m = 1.5. In the upper mesosphere, m = 0.3. The transition
altitude lies near 70 km, corresponding to transition point A
by Liang et al. [2007]. For comparison, the slopes of 1.7
from observations [La¨mmerzahl et al., 2002] and 0.3 [Liang
et al., 2007] are shown by dotted lines (Figure 11); the
former slope represents stratospheric O3 processes and
the latter denotes mesospheric O2 photolysis at Lyman a.
The changes of m in the mesospheric measurements of CO2
isotopologues [Thiemens et al., 1995] suggest that the
vertical mixing between upper and lower mesosphere is
more efficient than that used in the current models. Future
work with more realistic transport in this region is required,
such as version 3 of WACCM model which is an interactive
model of chemistry and dynamics [Garcia et al., 2007]. In
addition, it has been shown that the longitudinal variation is
significant above the gravity wave breaking altitude
(70 km) [Sassi et al., 2002], suggesting that 3-D modeling
is needed for a quantitative comparison of predictions and
measurements. Above 90 km (the homopause), molecular
diffusion process becomes important and m is 0.5 (see
model B); this altitude is denoted as the transition point B
by Liang et al. [2007].
[35] Figure 13 shows that the effects of dynamics and
chemistry can clearly be separated. The D17O(CO2) values
increase with altitude (decreasing N2O mixing ratios) below
70 km, but above 70 km, D17O(CO2) decreases with
decreasing N2O mixing ratio. The latter is caused by O2
Lyman a photolysis that produces m less than 0.5, resulting
in a turnover of D17O(CO2) at N2O mixing ratios of 0.1–
1 ppbv. The turnover of the N2O mixing ratios is affected by
atmospheric transport. The same feature has also been seen
in 1-D models [Liang et al., 2007]. The scatter of D values
in Figure 13 is primarily caused by latitudinal variations of
the age of air in the stratosphere (Figure 6). Figure 14 shows
the D values as a function of latitude (separated by color)
and season from model B, which confirms that the age of air
determines the scatter in D17O(CO2) versus N2O mixing
ratio plots and that strong seasonality in circulations
dominates the scatter in the upper mesosphere (see also
Figure 10). There is a simple explanation for the scatter.
Over the entire atmosphere, the CO2 isotopic exchange time
is longer than the transport time, but the lifetime of N2O
varies with altitude. In the lower stratosphere, the lifetime of
N2O against photolysis is longer than the transport time,
resulting in less scatter in the region. Higher in the upper
stratosphere and mesosphere, the N2O lifetime decreases
Figure 13. Plots of the value of D17O(CO2) versus nitrous oxide abundance for models A-D. Rocket
(asterisks) and airborne (diamonds) data are taken from Thiemens et al. [1995] and Boering et al. [2004],
respectively.
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and the scatter becomes significant. Until the transport time
is shorter than the N2O lifetime, the scatter remains small.
6. Discussion and Summary
[36] We have demonstrated that the observed d17O and
d18O values of CO2 can be explained by the isotopic
exchange between O(1D) and CO2 in the middle atmo-
sphere, although the modeled slope m = 1.5 is less than the
observed slope of 1.7. The difference may well be resolved
by a better understanding of dynamical and photochemical
processes in the atmosphere (see below). In the stratosphere,
the major source of O(1D) is O3 photolysis in the Hartley-
Huggins bands. Higher in the upper mesosphere, the source
of heavy O(1D) is dominated by O2 photolysis at Lyman a.
The isotopic signature of O(1D) produced in the upper
mesosphere is distinct from that in the stratosphere. The
former gives m  0.3, while the latter results in m  1.7.
Dynamical mixing between the upper (m = 0.3) and lower
(m = 1.7) mesosphere could result in the smaller observed
slope of 1.2 in mesospheric samples [Thiemens et al., 1995].
Incorporating these two sources of O(1D) into 2-D CTMs,
the observed slope of 1.2 is not reproduced, due to
inefficient transport between the upper and lower meso-
sphere in current models. Similar inefficient estimates of
transport are also observed for d18O in O2 (Figure 15). The
O2 Lyman a photolysis causes the depletion of heavy O2 in
the regions above 70. This signature can be transported
to a lower latitude where the depletion was observed
[Thiemens et al., 1995]. In our current steady state model,
we find that d18O = 0.3% occurs at 0.1 mbar (or
0.01 mbar without considering O2 Lyman a-driven isotopic
fractionation) in the spring at 32.4N, where the depletion
was observed. The corresponding altitude of 0.1 mbar in
April is 65 km, higher than the observed depletion altitudes
of 53.3 and 59.5 km. Future work with refined dynamics in
the mesosphere and 3-D models is required to validate the
use of CO2 isotopologues as tracers of the chemical and
dynamical processes in the upper atmosphere.
[37] In the stratosphere and lower mesosphere, the mod-
eled m is 1.5, less than the observed 1.72 ± 0.22 (2s) at high
latitudes [La¨mmerzahl et al., 2002] and 2.06 ± 1.16 (2s)
from the Arctic vortex [Alexander et al., 2001]. Two sources
of bias could result in this discrepancy. Our current model
can explain the observed altitude variation of d49O3 and
d50O3, but overestimates their absolute values [Liang et al.,
2006; Liang and Yung, 2007]. For example, assuming
d18O(1D) = 100%, the ‘‘effective’’ d17O(1D) = 133.5%
for m = 1.5 (equation (7) is used). As shown by Liang et al.
[2006] and Liang and Yung [2007], we overestimate d50O3
Figure 14. Same as for Figure 11 but with model B in four seasons. Model results at latitudes 25–30N,
30–40N, 40–60N, and 60–90N are shown by black, red, green, and blue symbols, respectively.
D12305 LIANG ET AL.: ISOTOPIC COMPOSITION OF CO2
14 of 18
D12305
by 20%. The same overestimation is also applied to
d18O(1D). If d18O(1D) is decreased by 20 (15)%, the
corrected m = 1.8 (1.7).
[38] Atmospheric transport could also modify m in an air
parcel as it travels through the atmosphere. As we have
discussed previously [Liang et al., 2007], the isotopic
composition of O(1D) from O3 photolysis is a function of
altitude, and therefore the age of air. The resulting m, in the
absence of transport, ranges from 1.3 to 3.0. We note that as
long as transport is reasonable, the resulting slopes are
insensitive to the selection of transport (see above).
[39] Can mechanisms other than CO2 + O(
1D) contribute
to the MIF of CO2? The CO + OH reaction [Ro¨ckmann et
al., 1998], as a source of CO2, can modify the isotopic
composition of carbon dioxide in the troposphere; the
reaction enhances d18(CO2) by 10% and D17(CO2) by
2–5%, depending on pressure. However, to have a
significant effect on the atmospheric CO2 or m, the required
reaction rate of CO + OH must be at least as high as that of
CO2 + O(
1D), a value that is unreasonable. It is also
possible [Mebel et al., 2004] that the CO2 + O(
1D) ex-
change processes are isotopically dependent, i.e., x1 6¼ x2 6¼
x3 6¼ x4 6¼ 0; for example, for x1  x2  15% (from the
over estimated dO(1D) noted above), the required x3 – x4 
9% in order to explain m = 1.7.
[40] The 2-D CTM models also explain the lower d values
of CO2 observed by Thiemens et al. [1995] at 30N at
altitudes similar to those sampled by La¨mmerzahl et al.
[2002] but at higher latitudes. The lower values are caused
by younger air parcels entering the stratosphere, confirming
previous suggestions [e.g., Yung et al., 1997; Liang et al.,
2007].
[41] The d17O and d18O values of CO2 have great utility as a
tracer of atmospheric dynamics and chemistry from the surface
to the mesosphere. For example, the isotopically exchanged
CO2 in the middle atmosphere carries a long-lived isotopic
signature that is distinct from that in the troposphere, and so
has the potential to constrain biogeochemical cycles involving
carbon dioxide, in particular those involving the biosphere
[e.g., Hoag et al., 2005]. More importantly, the close relation-
ship between O2 and CO2 provides a tool to constrain
biospheric productivity in the paleo-atmosphere [e.g., Luz et
al., 1999]; CO2 alone is limited because of the oxygen isotopic
exchange in the ‘‘quasi-liquid’’ layer on the surfaces of ice
grains in firn [Assonov et al., 2005]. All these applications
require detailed knowledge of mass-dependent and mass-
Figure 15. Modeled d18O of O2 for January, April, July, and October, from model B. The contours are
for d18O levels of 170 (black), 140, 110, 80, 60, 40, 20, 10, 0.3, 0.1, 0.1, 0.2, 1, 2, 3,
and 4 (red) %. The predicted positive values are caused by photochemistry of O2 [see also Liang et al.,
2007] and dynamics [Summers et al., 1997].
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Figure 16. Seasonal cycle of the CO2 flux across the tropopause in Pg of carbon per year per latitude
bin of 10. We follow the same definition of the tropopause (independent of season) as Morgan et al.
[2004], in which the tropopause is approximately at 100 mbar between 30S and 30N, 200 mbar
between 30 and 60, and 300 mbar poleward of 60. Negative and positive values represent downward
and upward fluxes, respectively. The flux is taken from the year 2004 in model A.
Figure 17. Seasonal cycle of the flux of d18O(CO2) across the tropopause. The tropopause definition
and model transport are the same as those of Figure 16.
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independent isotopic fractionation in O2 and CO2. Recent
three-isotope measurements of O2 in closed systems [Luz and
Barkan, 2005] have shown that a nearly universal respiration
curve can be used to extract highly preciseD17O values in O2.
Thus the MIF (in both O2 and CO2) at the surface reflects the
magnitude of the anomalous signature generated in the middle
atmosphere and the relative rates of mass transport through the
biosphere.
[42] Figure 16 shows the cross-tropopause flux of CO2.
Figure 17 presents the seasonal variation of the isoflux of
d18O(CO2) across the tropopause, which arises because
stratospheric processes enhance the abundance of C16O18O
relative to that in the troposphere. Negative values indicate
that the flux is transported downward. The seasonal cycle
shown here is different from that displayed at the surface
(e.g., that dominated by biospheric processes, seeCuntz et al.
[2003a]). Similar phenomena are demonstrated in Figure 4,
in which there is a 1–3 month lag in CO2 seasonality at
10 km relative to that at the surface as a result of the
Brewer-Dobson circulation [Shia et al., 2006]. The annually
averaged fluxes of heavy CO2 from the stratosphere, through
stratosphere-troposphere exchange, are summarized in Table
2. The flux of D17O(CO2) obtained from this work supports
that (42.9% PgC/a) used in previous studies [Boering et al.,
2004;Hoag et al., 2005]. As modeled by Cuntz et al. [2003a,
2003b], the annual mean C16O18O budget is 160% PgC/a
in the northern hemisphere in the biosphere (balanced by the
southern hemisphere). Our value is a factor of about four
less than the annual mean biospheric budget of C16O18O in
each hemisphere. This suggests that future modeling should
include stratospheric processes in order to provide a better
constraint on the biogeochemical cycles of CO2.
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